
Section 3: Mean state and variability of the atmosphere

• Develop intuition and familiarity with current state 
of general circulation

• State variables of this thermo-hydrodynamical 
system: T, p, q, u,v,w

• Consider distribution of mass, thermal structure, 
circulations, and distribution of moisture



Distribution of mass
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Geopotential height at 1000hPa: JJA
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Geopotential height at 1000hPa: DJF



Rodwell and Hoskins 2001
Thick line shows intersection of 887hPa with orography

Subtropical highs are response 
to monsoon heating and to orography
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FIG. 8. (a),(c),(e) Vertical velocity v at 674 hPa and (b),(d),(f ) horizontal streamfunction at 887 hPa for Jun–Aug based on the ERA
climatology. (a),(b) A simulation with mountains 1 A heating. (c),(d) A simulation with mountains 1 A 1 NAf heating. (e),(f ) A simulation
with mountains 1 A 1 NAf 1 NAtl heating. Day 16 is shown. The contour interval for v is 0.5 hPa h21 and for the streamfunction is 2
3 106 m2 s21. Positive contours are solid, the zero contour is dotted, and negative contours are dashed. The intersection between the orography
and the 887-hPa surface is shown with thick contours.

Although the combined effect of North American
monsoon heating, local subtropical cooling, and Hadley
forcing is a strengthening of the subtropical anticyclone
over the eastern North Pacific, they have little effect
over the western North Pacific (Figs. 6d,f,h). Hence,
these features are not expected to influence the low-
level flow into the Asian summer monsoon.

2) ERA 1979–93 DATA
The ERA data have been used to investigate the sen-

sitivity of our results to the precise form of the diabatic
forcing (and basic state) and to extend the analysis to
other ocean basins.
The ERA results for mountains 1 NAm, mountains

1 NAm 1 NPac, and mountains 1 NAm 1 NPac 1
HC are given in Fig. 7. It is found that differences
between the 1990–94 and ERA climatologies are not
important for the final comparison between the model
results and the observations. In addition, the change in
zonal mean basic state has almost no effect on the in-
tegrations. There does, however, appear to be some sen-
sitivity to the diabatic forcing changes that may have
many implications such as for the simulation of marine
cloud in GCMs. The mountains 1 ERA NAm heating
induce around 28% of the descent seen in the full sim-

ulation (cf. Figs. 7a and 4a) as compared with the 37%
figure for the 1990–94 heating. The ERA North Pacific
cooling increases the magnitude of the descent by a
factor of 3.5 (cf. Figs. 7a,c), which is larger than the
doubling found in the 1990–94 results. ERA HC forcing
tends to offset the increased intensification somewhat
(cf. Figs. 7c,e).
The low-level flow over the North Atlantic and into

North America is still only about 70% of that in the full
simulation (Fig. 4b). Although it is more comparable to
the observations (Fig. 1a), it could be argued that the
better comparison is with the control simulation. This
again suggests that not all the flow of moist air into the
North American monsoon is directly forced by it.

b. The Asian and North African monsoons and the
Northern Hemisphere summer anticyclones

Here, we look at the impact of the Asian and North
African monsoons on the Northern Hemisphere sub-
tropical circulation. First we apply the Asian monsoon
heating, A, (Fig. 2a). Note that the 150 W m22 contour
in A delimits well the ‘‘Southeast Asian monsoon’’ and
‘‘Western North Pacific monsoon’’ regions identified
through winter-to-summer changes in outgoing long-
wave radiation (Murakami et al. 1999).

Horizontal streamfunction at 887hPa for JJA

Response to 
mountains 
and Asian 

diabatic heating
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FIG. 9. Surface pressure and 887-hPa horizontal wind anomalies calculated as the difference between the mountain 1 ERA A simulation
and the mountain-only simulation at day 16. The contour interval is 2 hPa. Positive contours are solid, the zero contour is dotted, and
negative contours are dashed.

The Asian monsoon forcing alone induces some very
realistic low-level circulation features (Fig. 8b), includ-
ing cross-equatorial flow off the east coast of Africa
(91% of the full simulation) and a North Pacific sub-
tropical anticyclone (the zonal gradient of the 887-hPa
streamfunction at 308N over east Asia is equal to that
in the control simulation, Fig. 4b). The moisture fluxes
associated with these circulation features have been ar-
gued as being essential for sustaining the large-scale
monsoon (Saha 1970; Kishtawal et al. 1994; Murakami
and Matsumoto 1994). It would appear that the Asian
monsoon does induce the low-level circulation with as-
sociated moisture fluxes that are consistent with its heat-
ing.
To understand better how the Asian monsoon forces

the anticyclone to its east, we show in Fig. 9 the change
in the lower-tropospheric flow associated with A. The
poleward anomalous flow between about 108–408N and
908–1508E is associated with the Sverdrup vorticity bal-
ance, mentioned in section 3, and, over the Pacific, this
forms the western flank of the North Pacific subtropical
anticyclone. The strengthened easterlies in the equato-
rial Pacific form the southern flank of this anticyclone.
These wind anomalies show close similarities to the
analytical results of Gill (1980) and would appear to be
identifiable with the equatorial Kelvin wave solution to
Asian monsoon heating. As with a Kelvin wave, the
equatorial flow induced to the east of 1508E has little
meridional wind component (Fig. 9) and, in the absence
of the North American monsoon, is not efficiently
‘‘closed off’’ at the American west coast. Instead, the
anticyclone extends as far east as the North Atlantic
region (Fig. 8b). Hence there appears to be a strong
zonal wavenumber 1 response to Asian monsoon heat-
ing that may contribute to North American monsoon
inflow (although the maintenance of the zonally sym-
metric circulation in the model may play a part in this
result).
As with RH, heating A induces descent to its west

(Fig. 8a shows part of the region of this effect). The
locations of the descent centers agree with where the

orography alone places them (Fig. 4a) but the magnitude
is almost doubled from 0.45 to 0.80 hPa h21. There is
also a strengthening of the equatorward flow in the same
location from about 1.1 to 1.7 m s21.
When the North African monsoon heating, NAf, (Fig.

2a) is included in our simulation (Figs. 8c,d), there ap-
pears to be a local Hadley circulation induced with de-
scent to the south of the equator. Consistent with RH,
this forcing is too near the equator to have a very sig-
nificant impact on the subtropical circulation in the con-
text of the physics represented by this model. For ex-
ample, there is only a 10% strengthening of the descent
over the eastern subtropical North Atlantic and a sim-
ilarly small enhancement of the equatorward flow there.
The local cooling, NAtl, does have a major impact

and leads to a trebling of the descent (Fig. 8e) and a
significantly enhanced North Atlantic subtropical anti-
cyclone (Fig. 8f). This anticyclone, however, is not suf-
ficiently closed off at the North American east coast—
the Central and North American heating is required to
do this. Nevertheless, it is clear that local cooling over
the eastern subtropical North Atlantic, again viewed as
partly a response to Asian monsoon forcing, may also
be important for the low-level inflow into the North
American monsoon.

5. The Southern Hemisphere summer subtropical
circulation
We now turn to the Southern Hemisphere summer

(December–February) to study the effect of the South
American monsoon. Summertime subtropical heating
over South America (Fig. 2b) is significant, with the
150 W m22 contour extending well beyond 308S. As
with the other monsoons and in agreement with vorticity
considerations, there is a low-level jet (Min and Schu-
bert 1997), often known as the South American or
‘‘Pampas’’ LLJ (Paegle 1984), which would appear to
be associated with the South Atlantic subtropical anti-
cyclone and which flows southward along the east side
of the Andes. Although this jet is less well quantified
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Asian diabatic 

heating

Surface pressure and winds at 887hPa for JJA



Peixoto and Oort, fig 7.2

Zonal-mean sea level pressure



ERA 40 reanalysis data 1980-2001; cf. Trenberth et al, JGR 1982, 92, 14815-14826

Seasonal cycle of hemispheric mass as represented by 
anomalies in hemispheric-mean surface pressure
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Green dash-dotted: global-mean mass of water vapor multiplied by g

Seasonal cycle of hemispheric mass as represented by 
anomalies in hemispheric-mean surface pressure

ERA 40 reanalysis data 1980-2001; cf. Trenberth et al, JGR 1982, 92, 14815-14826
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Thermal structure



Surface air temperature: January

Climate Diagnostics Center interactive plotting site



Surface air temperature: January-July

Peixoto and Oort



ERA40 reanalysis data 1980-2001
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ERA40 reanalysis data 1980-2001

Potential temperature (K)

Latitude

Si
gm

a

300

340

270270

−60 −30 0 30 60

0.2

0.8



ERA40 reanalysis data 1980-2001
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(ERA40 reanalysis data 1980-2001)
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ERA40 reanalysis data 1980-2001
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Schneider, Thermal Stratification of the extratropical 
troposphere, 2006

Extratropical mean state is stable to slantwise moist convection 
except in summer in Northern midlatitudes

schneider˙chapter June 27, 2005
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Figure 9.5 Saturated moist pseudoadiabats (solid) and surfaces of constant absolute angu-
lar momentumM (dashed) according to ERA-40 reanalysis data for 1980–2001.
The contour interval for angular momentum is 0.1Ωa2, and contour values de-
crease monotonically from the equator to the poles. The thick line marks the
tropopause.

9.4 MOIST CONVECTION COUPLED TO BAROCLINIC EDDIES

Moist processes such as moist convection and latent-heat release in large-scale
condensation doubtlessly influence the extratropical static stability and tropopause
height, likely as processes that are coupled to baroclinic eddies. The dynamics
of baroclinic eddies in the presence of moisture, however, are poorly understood.
The linear stability, nonlinear life cycles, and turbulent statistically steady states
of moist baroclinic eddies have been investigated in several studies, using models
idealized to various degrees and with various ways of coupling moist processes
to eddy dynamics (e.g. Mak 1982; Bannon 1986; Emanuel et al. 1987; Gutowski
et al. 1992; Fantini 1993; Lapeyre and Held 2004). But there is no general the-
ory accounting, for instance, for the scales of baroclinically unstable waves in the
presence of moisture, or for the relative importance of dry and moist processes in
statistically steady states of baroclinic eddies.
Absent a general theory, Juckes (2000) proposed heuristic arguments for how

moist convection coupled to baroclinic eddies may determine the extratropical ther-
mal stratification. Moist convection in baroclinic eddies occurs preferentially in
regions of low static stability — in the warm sectors of cyclones. To the extent that
moist convection reaches the tropopause and that it prevents the stratification from
becoming significantly less stable than a moist adiabat, the minimum of the bulk
moist stability ∆ve = θet − θes, the equivalent potential temperature difference
between tropopause (θet) and surface (θes), is approximately zero. Juckes assumes
that the distribution of bulk moist stabilities in baroclinic eddies is well character-
ized by this minimum (zero) and the standard deviation and that the temporal and
zonal mean bulk moist stability ∆̄ve = θ̄et − θ̄es can be estimated as the minimum
plus a multiple of the standard deviation,

∆̄ve ∼ min(∆ve) + d std(∆ve), (9.2)
where d is an empirical factor. Fluctuations of bulk moist stability he assumes to be
generated by approximately adiabatic meridional advection of equivalent potential
temperature at the tropopause and at the surface by baroclinic eddies, such that the



Adjustment to thermal state with supercriticality Sc~1
 in extratropics of dry atmospheres

Schneider and Walker, JAS, 2006

over the same regions as the quantities in the corre-
sponding dynamical equilibria.4 Only the radiative–
convective equilibria for the Earth-like simulation se-
ries are shown in Fig. 3a. The radiative–convective
equilibria for the other simulation series in Fig. 3a are
identical to those for the Earth-like simulation series.
The radiative–convective bulk stabilities and scaled sur-
face potential temperature gradients for the other simu-
lation series differ from those for the Earth-like simu-
lation series only through differences in averaging re-
gions (which do not lead to qualitative differences to
the Earth-like simulation series). For the simulations
for ! " 1 (dry convection), the radiative–convective
bulk stabilities are zero and hence are not shown in Fig.
3b. The radiative–convective bulk stabilities increase

with radiative–equilibrium surface temperature con-
trast #h because the mean surface temperature in ra-
diative equilibrium increases with #h , which results in a
decrease of the density at the surface and in an increase
of the tropopause height in accordance with the radia-
tive constraint on the tropopause height in the idealized
GCM (cf. Held 1982; Schneider 2006)—both factors
that, given a fixed lapse rate, lead to an increase of bulk
stabilities with #h . The arrows indicate how the thermal
structures in the dynamical equilibria of the GCM
simulations with the largest radiative–equilibrium sur-
face temperature contrast #h " 360 K are modified
compared with the thermal structures in the corre-
sponding radiative–convective equilibria.

Figure 3 shows that in simulations with small scaled
surface potential temperature gradients $ ( f/%)&y's, the
extratropical bulk stability #( is close to the radiative–
convective bulk stability and Sc ) 1. (Small reductions
of bulk stabilities in dynamical equilibrium compared
with radiative–convective equilibrium are probably
caused by destabilizing mixing in the planetary bound-
ary layer.) When the scaled surface potential tempera-

4 See appendix C for the estimation of flow statistics and for the
choice of averaging regions. There is some ambiguity in the choice
of averaging regions; however, as discussed in appendix C, differ-
ent choices of averaging regions affect O(1) constants in the scal-
ing relations shown here and in what follows, but they do not
substantially affect the scaling relations themselves.

FIG. 3. Extratropical bulk stability #( and scaled surface potential temperature gradient $ ( f/%)&y's in dynamical equilibria of GCM
simulations (plotting symbols defined in legends) and in corresponding radiative–convective equilibria (crosses in colors matching those
of the plotting symbols for the dynamical equilibria). (a) Results from Earth-like simulations with terrestrial rotation rate *e and radius
ae, from simulations with twice and four times the rotation rate and radius of Earth, and from simulations with low frictional drag in
the planetary boundary layer (roughness length of surface reduced by a factor of 100). The convective lapse rate is 0.7+d " 6.8 K km$ 1

in all simulations. (b) Results from simulations with terrestrial rotation rate *e and radius ae and with different convective lapse rates
!+d (! " 0.6, . . . , 1.0). The series of simulations with ! " 0.7 in (b) is the same as the series labeled Earth-like in (a). For each set of
parameters, the figure shows a series of simulations obtained by varying the radiative–equilibrium surface temperature contrast #h .
Displayed quantities are averages over baroclinic zones, averaged in the same way and over the same regions in the dynamical equilibria
and in the corresponding radiative–convective equilibria (see appendix C). Here and in subsequent figures, the corresponding quantities
for Earth’s atmosphere (annual means according to reanalysis data averaged over both hemispheres) are shown for comparison (see
appendix C). The dashed lines represent supercriticality Sc " 1, with Sc ) 1 above it and Sc , 1 below it. For sufficiently large surface
potential temperature gradients, all simulations condense onto the line Sc - 1.
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Simulations are performed
for a range of different: 
• meridional temperature 
gradients in radiative 
equilibrium

• planetary radii or 
rotation rates

Crosses show values in 
radiative equilibrium



Supercriticality decreases in warm and moist climates, 
but stays constant if use effective static stability to 

represent latent heating

O’Gorman, JAS, 2011

Simulations in moist idealized GCM over a wide range of climates
Lower gray line is contribution from latent heating

Upper gray line corresponds to moist adiabatic stratification

conventions used are chosen for consistency with previous
work. The extratropical dry static stability changes non-
monotonically as the climate warms, with a minimum
close to the reference climate (which is closest to that of
the present-day earth) and larger values in very cold or
warm climates (Fig. 9).

The dry theory holds that a supercriticality S defined in
terms of the thermal structure of the atmosphere is a
constant of order 1. The introduction of the effective
static stability into the dry theory yields a modified ex-
pression for an effective supercriticality,
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where Dp is the zonal- and time-mean pressure depth of
the troposphere, ›u

s
/›y is the near-surface meridional

temperature gradient, and the Coriolis parameter f and
its meridional gradient b are evaluated at the center of
the baroclinic zone. Substitution of the effective static
stability (8) and rearrangement yields an expression for
the dry static stability in a moist atmosphere:
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In evaluating Eq. (14), we first take averages of the static
stabilities, surface meridional temperature gradient, and
pressure depth of the troposphere over the baroclinic
zones.

The estimate of the dry static stability appropriate for
dry atmospheres is recovered from Eq. (14) in the cold
limit in which ›u/›p ju* vanishes, or by setting l 5 0 at
any temperature. This dry estimate (setting l 5 0) is
plotted in Fig. 9, where we have chosen the value of the
dry supercriticality S 5 0.9 to give the best fit to the
actual dry static stability in the simulations. In the colder
climates, both the dry static stability and the dry esti-
mate decrease as the climate warms. But in the warmer
climates, the dry static stability increases with warming,
whereas the dry estimate continues to decrease because
of the increasing depth of the troposphere and de-
creasing near-surface meridional temperature gradients
(cf. O’Gorman and Schneider 2008a).

The estimate using the effective static stability (14) is
in much better agreement at all temperatures (Fig. 9),
where we have again chosen the supercriticality constant
to give the best fit (Seff 5 1.4). We have used a constant
value of l 5 0.6 that is typical of the extratropics (Fig. 5);
similar results are obtained if l is allowed to vary
with latitude and pressure and between simulations. The

contribution of latent heat release [the first term on the
right-hand side of Eq. (14)] is plotted as the lower gray
line; it steadily increases with increasing temperature.
The combination of the two terms on the right-hand side
of Eq. (14) explains the U-shaped dependence of the dry
static stability on global-mean surface temperature.

In the warmest climates (global-mean surface tem-
peratures in excess of ;300 K), the dry static stability
becomes equal to that given by a moist adiabat (upper
gray line in Fig. 9), which is more stable than the pre-
diction from the effective supercriticality (14). This cor-
responds to a transition from a combination of eddies and
moist processes controlling the thermal stratification to
moist convection alone controlling the thermal stratifi-
cation.3 The transition occurs at a higher global-mean
surface temperature when the stratification in the mid-
troposphere is considered (not shown). A similar transi-
tion occurred in the dry simulations of Schneider and
Walker (2006) in which the convection scheme relaxed
temperatures to a subadiabatic lapse rate to mimic moist
convection. But it could not occur in the theoretical
framework of Juckes (2000) except in the trivial limits of
no eddy activity or meridional entropy gradient. The

FIG. 9. Extratropical dry static stability over a wide range of
climates in the idealized GCM (solid line and circles), and its
predicted value from an effective supercriticality constraint Seff 5
1.4 (dashed), and from a dry supercriticality constraint S 5 0.9
(dotted). The lower gray line shows the latent heating contribution
to the effective supercriticality prediction [the first term on the
right-hand side of Eq. (14)], and the upper gray line shows the dry
static stability that would result from a moist adiabatic stratifica-
tion. The constant supercriticality values are determined by a least
squares fit of the resulting dry static stabilities. A constant value of
l 5 0.6 is used in the effective supercriticality calculation. The
reference simulation is shown with a filled circle in Figs. 9–12.

3 The effective supercriticality decreases in the very warm cli-
mates in which moist convection controls the stratification; it de-
creases by a factor of 1.7 from the coldest to the warmest simulation,
compared with a factor of 3.8 for the dry supercriticality.

84 J O U R N A L O F T H E A T M O S P H E R I C S C I E N C E S VOLUME 68



Peixoto and Oort, fig 7.8
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